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Abstract The processing of aerosol by droplet collision-coalescence is analyzed in three-dimensional
simulations of drizzling stratocumulus using a Lagrangian cloud model for the representation of aerosol and
cloud microphysics. Collision-coalescence processing is shown to create a characteristic bimodality in the
aerosol size distribution. We show that the large-scale dynamics of the stratocumulus-topped boundary layer
are key to understanding the amount of time available for collision-coalescence processing. The large-scale
dynamics enable aerosol particles to repeat a cycle of droplet condensation, collision-coalescence, and
evaporation, which causes a steady increase in aerosol size. This process is continued until the aerosol grows
so large that droplet growth is substantially accelerated and multiple collisions occur within one cycle, forming
precipitation-sized droplets that are lost to the surface, including the aerosol. An analytical relationship is
derived that captures the fundamental shape of the processed aerosol size distribution.

Plain Language Summary Clouds consist of cloud droplets, and cloud droplets grow from aerosol
particles, which are tiny particles suspended in the atmosphere. But clouds also modify aerosol particles. This
study shows that the merging of cloud droplets, a process related to the production of rain, can lead to larger
aerosol particles, causing characteristic changes in the aerosol size distribution that are revealed in this study.
These changes are important because larger aerosol particles will create cloud droplets more easily, with
commensurate effects on the development of clouds.

1. Introduction

Aerosol particles affect clouds and hence the climate. Most fundamentally, aerosol particles serve as cloud
condensation nuclei and thus control the number and size of cloud droplets, determining cloud radiative proper-
ties (e.g., Albrecht, 1989; Twomey, 1977), the development of precipitation (e.g., Squires, 1958), and even the
turbulent mixing of clouds with their environment (e.g., Bretherton et al., 2007; Wang et al., 2003). But aerosol
particles do not only affect clouds, they are also affected by clouds (e.g., Hudson et al., 2018). Clouds are the ideal
environment for aqueous chemistry to add aerosol mass, for example, by the oxidation of sulfur dioxide (e.g.,
Hegg & Hobbs, 1979; Hoppel et al., 1986; Jaruga & Pawlowska, 2018). Furthermore, cloud droplets can collect
unactivated aerosol particles by Brownian capture (e.g., Svenningsson et al., 1997). The subject of this study will,
however, be the collision and subsequent coalescence of cloud droplets, merging the dissolved aerosol masses
inside them to form larger particles upon evaporation (e.g., Flossmann et al., 1985; Hudson & Noble, 2020, 2022;
Noble & Hudson, 2019). As these processes shape the aerosol size distribution, they alter the ability of aerosol
particles to activate to cloud droplets and to act as drizzle embryos, and thus feed back on the aforementioned
effects of aerosol particles on clouds and the climate.

Fundamentally, the aerosol size distribution is defined as

dN,
ny, = dr, s (D

describing the number of aerosol particles exhibiting sizes in an infinitesimal aerosol radius range between r, and
r, + dr,, where N, is the cumulative aerosol concentration. Thus, representing changes in n, by cloud processing
requires a two-dimensional modeling framework that predicts changes in r,, as well as the concurrent cloud
microphysical changes in the droplet liquid radius r,. Accordingly, more sophisticated modeling approaches than
those applied for studying cloud microphysics alone are needed. For instance, Flossmann et al. (1985) and Lebo
and Seinfeld (2011) developed two-dimensional aerosol-cloud microphysical models that predict the simultane-
ous development of the discretized (or binned) r, and r, distributions. By coupling a bin aerosol model to a bin
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microphysical model and calculating the transfer of aerosol solute mass between drops based on the transfer of
the water mass, Feingold et al. (1996) and more recently Zeng and Li (2023) provided a more computationally
efficient alternative. However, this approach is only able to calculate general (moment-based) changes in the
processed aerosol size distribution. The treatment of aerosol and cloud processes in bulk aerosol-cloud micro-
physical models is too simple to resolve more than the average change in aerosol particle size (e.g., Berner
etal., 2013).

Over the last decade, these so-called Eulerian approaches haven been complemented by Lagrangian cloud models
(LCMs) that represent cloud microphysical processes by individually simulated computational particles, which
allow for the detailed tracking of r, and r, in the simulated hydrometeors (e.g., Arabas et al., 2015; Chandrakar
et al., 2022; Hoffmann et al., 2015; Shima et al., 2009). Thus, LCMs provide a highly detailed alternative to
understand changes in the aerosol and cloud droplet size distribution, subject to some limitations (e.g., Hill
et al., 2023). In this study, we apply an LCM coupled to a high-resolution large-eddy simulation (LES) model to
understand the processing of aerosol by collision and coalescence.

This note is organized as follows. First, we will briefly introduce the LCM-LES framework and its setup, before
simulation results are presented (Section 2). Based on these results, we will develop a theory to understand the
changes in the aerosol size distribution (Section 3). The main results of this note are summarized in Section 4.

2. Simulations

2.1. Setup

All simulations have been carried out using the LES System for Atmospheric Modeling (SAM) (Khairoutdinov
& Randall, 2003), fully coupled to the LCM by Hoffmann et al. (2015). Here, we summarize the most relevant
parts of this modeling framework, with details furnished in the references below. The LCM represents hydrome-
teors, that are, aerosol particles, cloud droplets, and rain drops, as computational particles. Due to computational
restrictions, not all hydrometeors are simulated explicitly, and every computational particle represents a multitude
of identical hydrometeors, while microphysical processes and interactions are scaled accordingly. It is assumed
that aerosol particles never fully dry, that is, always accumulate some water. The activation of aerosol particles
to cloud droplets and their further growth by condensation by solving the diffusional growth equation, including
Kohler theory (Hoffmann et al., 2015; Kohler, 1936). Gravitational collision and coalescence is represented using
a statistical approach (Hoffmann et al., 2017), with collision efficiencies by Hall (1980). A coalescence efficiency
of unity is assumed. Brownian capture (e.g., Svenningsson et al., 1997) is neglected. All particles are moved by
the mean LES wind, fall by sedimentation using terminal velocities by Beard (1976), and experience stochastic
velocity fluctuations to represent LES-unresolved turbulent motions (Weil et al., 2004). Note that the LCM does
not categorize hydrometeors into aerosol, cloud droplets, or rain to apply the aforementioned microphysical
processes. The relevance of a process to a specific hydrometeor is determined by the underlying physics.

For this study, a weakly drizzling nocturnal maritime stratocumulus is simulated. The case is based on the second
research flight of the DYCOMS-II campaign (Stevens et al., 2003), assuming fixed surface fluxes, subsidence, and
a simple parameterization for longwave radiative cooling, with further details given in Ackerman et al. (2009).
The model domain is 7.2 X 7.2 x 2.88 km?3 in the horizontal and vertical directions, with respective grid spacings
of 50 X 50 X 5 m>.

Three simulations with different initial aerosol distributions are investigated. These aerosol distributions are
created by assigning an r, to each computational particle. These r, are obtained from a random generator that
follows a lognormal distribution, which is typical for aerosol (e.g., Jaenicke, 1993). The geometric standard devi-
ation of the lognormal distribution is 1.25 for all cases, but the geometric mean radius r,  is varied from 12.5
nm to 25 nm to 50 nm, creating a typical Aitken mode. Here, we mainly discuss results from the 25 nm case,
with further analysis provided in Supporting Information S1. For all three cases the initial aerosol concentration
is 40 cm~3. The initial number of computational particles per LES grid box is 50, which is sufficient for the
successful representation of the aforementioned microphysical processes (Unterstrasser et al., 2020). The number
of hydrometeors represented by each computational particle is the same for all particles initially, but changes due
to collision and coalescence during the course of the simulation. Computational particles are initialized up to a
height of 1,000 m, that is, well above the maximum height of the stratocumulus-topped boundary layer, which
varies between 800 and 830 m in the conducted simulations. During initialization, all particles are initialized as
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Figure 1. Time series of (a) the in-cloud LWP,, (b) £, (c) N, and (d) the surface precipitation rate for r, , = 12.5 nm (blue
lines), 25 nm (black lines), and 50 nm (red lines).

haze, and their liquid water radius is equilibrated to the relative humidity of their surroundings. Within the cloud
layer, the particles are equilibrated to a relative humidity of 0.99 at the first timestep. Afterward, the particles are
allowed to grow by condensation, but collision-coalescence and sedimentation remain disabled for the first hour
of the simulation.

The simulation is run for 6 hr, with a timestep of 0.5 s. This timestep is applied for the LES and the LCM, but
subcycled for condensational growth if necessary. Previous studies have shown that a timestep of 0.5 s is suffi-
cient for representing collision-coalescence in the LCM (e.g., Unterstrasser et al., 2020).

2.2. Results

The general development of the simulations is presented in Figure 1, showing (a) the vertically integrated,
in-cloud liquid water path LWP,, (b) cloud fraction f,, (c) in-cloud droplet concentration N, and (d) the surface
precipitation rate for the three analyzed aerosol size distributions. On average, the LWP_ remains relatively
constant at about 140 g m~2 for all simulated cases, but fluctuates increasingly as the simulation progresses.
These fluctuations reflect the breaking up of the cloud deck after the onset of precipitation, which is visible in
the steady decrease in f, from full cloud cover at 1 hr of simulated time toward values between 0.75 and 0.5 at
the end of the simulation at 6 hr, depending on the prescribed aerosol size distribution. Changes in N, during the
first hour of simulated time are an artifact of the developing turbulence in the simulated boundary layer (model
spin-up), and should therefore be discarded. Afterward, N, decreases steadily from about 30 to less than 10 cm~>
as collision-coalescence merges cloud droplets to rain drops. The lowest values of f, and N, occur for the small-
est aerosol particles, that is, r, . = 12.5 nm (blue line), for which activation to cloud droplets is least likely. The
commensurately lower N, favors subsequent droplet growth by condensation and hence collision-coalescence.
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Figure 2. The processed aerosol size distribution n; = d N, /dlog(r,) (black lines) for (a) r, ,, = 12.5 nm, (b) r,

=25 nm, and (¢) r, = 50 nm. Results are overlaid

a,m a,m

with their respective initial aerosol size distributions (dashed gray lines). Section 3 discusses the analytical solution (orange lines), as well as the slopes that approximate
the virga range (continuous gray lines) in more detail. The upper abscissa denotes the initial, virga, and precipitation ranges of the aerosol size spectrum; the virga range

is highlighted in pale blue.

Nonetheless, the precipitation rate is rather weak for all simulated cases. Overall, all simulated cases are similar
to the results presented in Ackerman et al. (2009).

The effects of these dynamical and microphysical processes on the aerosol size distribution are shown in Figure 2,
depicting n; = dN,/dlog(r.) = In(10) r, n, for all simulated aerosol size distributions. Note that x is determined
from all (activated and deactivated) aerosol particles in the lowermost 1,000 m of the simulation domain, captur-
ing the entire stratocumulus-topped boundary layer, as well as a small fraction of the free-troposphere. Further-
more, n is averaged over the last hour of the simulation.

All simulated aerosol size distributions (black lines in Figure 2) show one mode, which is relatively close to its respec-
tive initial aerosol size distribution (dashed gray lines), and a newly developed mode with a constant slope between
—1.8 and —1.2 toward larger r, (continuous gray lines) that falls off sharply for even larger r,. As we will show in
more detail below, this new mode is caused by the collision-coalescence processing of aerosol that shifts aerosol
particles from the initial distribution to larger r,, thereby naturally decreasing the number of aerosol particles. Note,
however, that for r, = 12.5 nm, the aerosol size distribution agrees well with the initial aerosol size distribution for
r, < 10 nm, reflecting that these particles are too small to activate and thus do not participate in collision-coalescence
processing. For the following analysis, we will split the aerosol size distributions into three distinct regions, which we
will call the initial, virga, and precipitation ranges, based on the predominant microphysical processes. These ranges
are denoted on the upper abscissae of Figures 2 and 3 (and Figures S1 and S2 in Supporting Information S1), where
the virga range is highlighted in pale blue, with the initial and precipitation ranges found toward smaller and larger r,,
respectively. Further note that these ranges are not as distinct as indicated, and transition zones exist between them.

For the r, = 25 nm aerosol size distribution, Figure 3 shows (a) the droplet radius 7q, (b) aerosol growth rate

¢, = dr,/dt, (c) time between two collisions experienced by a collector droplet m, and (d) relative tendencies
dIn(n,)/dt for the activation of droplets (blue line), deactivation (black line), net collision gain rate (orange line), and
precipitation loss rate (red line) as a function of r,. The overbar indicates that these are r,-bin-averaged quantities, that
is, they are obtained as the average of all values that fall within a specific 7,-bin. In particular, 74 is determined from
the total liquid water mass per r, bin, including the water from cloud droplets and unactivated aerosol particles (haze).
As before, the data are averaged over the last hour of the simulation, and the lower-most 1,000 m of the model domain.
Results for the simulations with 7, | = 12.5 and 50 nm are similar, and thus only shown in Supporting Information S1.

rq is smallest in the initial range (Figure 3a). The reason for this is that the cloud layer represents only a small
fraction of the analyzed boundary layer (~30%), and hence only a commensurately small fraction of aerosol
particles activate to cloud droplets (blue line Figure 3d). Thus, the average rq is rather small. However, the asym-
metry between the activation and deactivation rates in the initial range indicates that some of these particles are
inside the cloud and hence large enough to participate in collision-coalescence (blue and black lines in Figure 3d),
causing the deactivation of collected particles at larger size than their prior size. At larger r,, more particles tend
to exist inside the cloud only, which is indicated by the substantially larger r4 toward the virga range. The increase
in ¢, (Figure 3b), which is only possible due to collision-coalescence of cloud droplets, indicates that these
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Figure 3. The distribution of the r,-bin-averaged (a) droplet radius 74, (b) ¢, = dr,/dt, (c) time between two collisions
experienced by a collector droplet Aty, and (d) relative tendencies dln(n,) /dt for the activation of droplets (blue line),
deactivation (black line), net collision gain rate (orange line), and precipitation loss rate (red line) as a function of r,. The
results are shown for r, | = 25 nm. The upper abscissa denotes the initial, virga, and precipitation ranges of the aerosol size
spectrum; the virga range is highlighted in pale blue.

particles are a product of droplet collision-coalescence, which is confirmed by the concurrent decrease in At
(Figure 3c) and the increase in the net collision gain rate (orange line in Figure 3d).

While 74 and ¢, increase with r, in the precipitation range (Figures 3a and 3b), the virga range exhibits only
slight differences in these quantities, as discussed in more detail in the following paragraphs. In the precipitation
range, however, droplets collide frequently, as reflected in the sharp decrease in Af.o (Figure 3c) and the strong
increase in the net collision gain rate (orange line in Figure 3d). At the same time, precipitation losses (red line in
Figure 3d) increase, and begin to match the net collision gain rate for r, > 800 nm. Moreover, there are no activa-
tion and deactivation events for r, > 500 nm (blue and black lines in Figure 3d), which indicates that all particles
that exist in this part of the precipitation range have entered it as a cloud or rain drop and are lost to the surface
without sufficient evaporation to cause deactivation. Thus, no permanent population of these particles is created,
which is also visible in the strong decrease in n§ presented in Figure 2.

The most interesting part of the aerosol spectrum is the virga range, which eschews the rather simple interpreta-
tions of the initial and precipitation range that are dominated by either the initial aerosol distribution or the loss
of aerosol by precipitation to the surface, respectively. Key to understanding the behavior of the virga range is the
relationship between rq and r, (Figure 3a). We assess this relationship by determining
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an(m) (M)

din(r,) ~ dIn(M,)

s, @

where & describes the degree of correlation. Note that this correlation holds for 74 and r,, as well as the individual
droplet and aerosol masses E =4/ 3)71'H3 paand M, = (4/ 3)zrl p,, with pq and p, the densities of liquid water
and the aerosol, respectively. In the initial range, 6 ~ 0, that is, there is no correlation between 74 and r,. This
is expected because only a small fraction of aerosol particles activate to cloud droplets in this range, and the
unactivated aerosol particles (haze) contribute only minute amounts of liquid water to 74. For the precipitation
range, 6 approaches 1 (continuous gray line in Figure 3a), which indicates that every collision-coalescence event
that increases My leads to a commensurate increase in M, In the virga range, however, 6 ~ 0.5 (dashed gray line
in Figure 3a). This indicates that changes in 74 are not completely determined by collision-coalescence. In fact,
Ateon ~ 5000 s in the virga range (Figure 3c), which is somewhat larger than the large-eddy boundary layer turn-
over time of about 3,000 s, calculated from the boundary layer depth and the boundary-layer-averaged vertical
velocity standard deviation (e.g., Kogan, 2006). If one assumes that all hydrometeors follow this large-eddy circu-
lation spanning the entire boundary layer, aerosol particles in the virga range participate in collision-coalescence
events about every second circulation only. Thus, a sustained effect on r4 by collision-coalescence is prevented
because these particles fully evaporate when they leave the cloud, either by following the large-eddy circulation,
sedimentation, or both. (This justifies our use of the term virga for this part of the aerosol size distribution.) Note
that although collision-coalescence is infrequent (Figure 3c), r, has a constant rate of increase in the virga range,
as shown by ¢, (Figure 3b).

Within the virga range, collision-coalescence processing does not substantially depend on r,, as shown by the
limited variability in ¢, and qu with r, (Figures 3b and 3c). But when the aerosol particles are larger, their
ability to activate to cloud droplets is greater (blue line in Figure 3d), which increases the likelihood that these
particles participate in more collision-coalescence events per large-eddy circulation cycle. Additionally, it is
expected that the greater aerosol-loading with larger r, causes stronger condensational growth (e.g., Jensen &
Nugent, 2017). Both effects are reflected in the moderately increasing rq with r, in the virga range. This behavior
continues until 74 exceeds 40 pm, marking the beginning of the precipitation range, where collision-coalescence
forms drops that do not evaporate fully below cloud base and eventually reach the surface, which manifests in
the strong increase in the net collision gain and precipitation loss rates (orange and red lines in Figure 3d). The
figures in Supporting Information S1 show that 74 > 40 pm also limits the virga range for other initial aerosol
size distributions, proving the efficacy of the rq ~ 40 pm threshold that is used in some bulk cloud microphysi-
cal models to delineate drops with progressively increasing collection efficiency (e.g., Kessler, 1969; Seifert &
Beheng, 2006).

3. Theory

To better understand the virga and precipitation ranges shown in Figures 2 and 3, we develop a theory that
explains some of the modeled processes. For this, we evaluate a prognostic equation for the aerosol mass distri-
bution m, = M, n,. We start with

dm, om, om,

—] a = P’
a - o %o 3)

where P covers sources and sinks, that is, the loss of aerosol mass through precipitation scavenging in this study
(red line in Figure 3d). The change in aerosol mass through collision-coalescence is included in the advection
term ¢, dm /dr,, as it does not create or remove aerosol mass, but moves aerosol mass in the r, space only (orange
line in Figure 3d).

For simplicity, we will assume stationarity (dm,/dt = 0) in the virga and the precipitation range. For this to
be true, the net collision gain rate and the precipitation loss rates must be equal (cf. Figure 3d). While this is
approximately the case in the precipitation range, the virga range violates this assumption. However, the actual
changes in the virga range are relatively slow (~1 hr) because the net collision gain rate is small and the precip-
itation loss rate is essentially negligible. Potential limitations due to this simplification are discussed below.
Assuming stationarity, we rewrite Equation 3 as
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on(m) _ r,

“

oln(r,) T maca

We assume that P is proportional to the sedimentation velocity w__, of the droplets carrying the aerosol, as

well as inversely proportional to the average height z, from which the droplets are falling. We estimate that

sedi
z, = (z, — z,)/2, where z, and z, are the cloud top and base heights, respectively. Thus, we write

Wsedi a

) )
Zc

Note that w,,

Note further that we ignore the fact that droplets evaporate below cloud base.

is an effective sedimentation velocity, taking into account the averaging necessary to obtain rg.

To establish an expression for c,, we need to express aerosol growth by droplet growth. For this, we determine the
temporal derivative of Equation 2, yielding

_dra _ 1radre
Tdr T 87 dr’

Ca

(6)

similar to Feingold et al. (1996). The continuous collision-coalescence growth model by Bowen (1950), see
Equation 8.15 in Rogers and Yau (1989), which represents the growth of one droplet collecting others, is used to
express drq/df. With Equation 6, it follows that

r

a

1
6rd

c, =

[E L\j/C Wsedi (H):| 5 (7)

where E is an average collision efficiency, and LWC the liquid water content of the collected cloud droplets.

Again, w; is an effective sedimentation velocity, accounting for the necessary averaging to obtain 7.

Using expressions Equations 5 and 7 in Equation 4, we get

oln(m,) —  4pa
=-rq ) 8)
dln(r,) E LWC z,
which can be rewritten as
dln(m 4
(_a) - _ Pd , (9)
orq E LWC z,
using Equation 2. Note that this expression does not depend on w;.
Assuming that E, LWC, and z_ are constant for all r,, integration yields
ma(ra) = my(rag)expd —[Fa(ra) — ra(rao)] LI (10)
' " ELWC z

where r, , is the aerosol radius that defines the constants of integration. The corresponding analytical n; are
shown in Figure 2 (orange lines), for which appropriate values for m,(r, o), E, LWC, and z, are estimated. For
Fam = 25 nm, 74 is obtained from Figure 3a, while corresponding data is used for r, = 12.5 and 50 nm. As the

analytical solution does not capture the initial distribution, only values in the virga and precipitation range are
shown.

Overall, the analytic solution captures the decrease of xf in the precipitation regime well. It also captures the
constant slope in the virga range, the approximate values of which are indicated in Figure 2 (continuous gray
lines). However, the slope of the analytical solution is too negative in comparison. This indicates that the
analytic solution is too simplistic to account for the processes happening in the virga range, where the evap-
oration of droplets below cloud base plays an important role in decelerating aerosol growth before entering
the precipitation range. Furthermore, the cessation of the supply of aerosol mass for collision-coalescence
processing from the initial range violates the steady state assumption for the virga and precipitation ranges.
Interestingly, for r,, = 12.5 nm, the agreement between the analytical and numerical solution in the virga
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range is much higher than for the other cases. This might be due to the larger reservoir of unactivated aerosol
particles in the initial range that becomes available to collision-coalescence processing as time progresses.
In fact, the slope of —1.8 in the virga range of r, = 12.5 nm is much closer to —2, which would indicate a
constant m, and hence a constant aerosol mass flux (c,m,) through the virga range toward the precipitation
range.

4. Summary

Aerosol-cloud-climate interactions are not only determined by the changes caused by the number and size of
aerosol particles, but also by the effects of clouds on the aerosol size distribution. In this study, we analyzed
the processing of aerosol by droplet collision-coalescence, which allows aerosol particles to merge into larger
entities. To investigate this, we used a LCM coupled to a high-resolution LES model, representing a drizzling
stratocumulus-topped boundary layer.

In agreement with previous studies, we find that the aerosol size distribution is shifted toward larger sizes due
to collision-coalescence processing (e.g., Feingold et al., 1996; Flossmann et al., 1985; Hudson et al., 2018;
Jaruga & Pawlowska, 2018; Lebo & Seinfeld, 2011; Schmeller & Geresdi, 2019). While these previous stud-
ies relied on an idealized zero- to two-dimensional representation of the cloud dynamics, our study is able
to represent the full three-dimensional impact of the stratocumulus-topped boundary layer on the aerosol
processing. We showed that these dynamics are essential for the development of a new processed aerosol
mode (cf. Figure 2), which we termed the virga range of the aerosol size distribution as it requires the evapo-
ration of cloud droplets below cloud base. Generally, aerosol particles follow the large-eddy circulation of the
stratocumulus-topped boundary layer, and activate to cloud droplets inside the cloud layer, where they grow
by condensation and might collide and coalesce with other droplets, leading to an increase in aerosol size.
However, this increase is only moderate as long as cloud droplets leave the cloud and fully evaporate before
further collision-coalescence events take place. As this cycle of condensation, potential collision-coalescence,
and evaporation repeats, the growing aerosol accelerates droplet growth. Once a threshold of ~40 pm in cloud
droplet radius is reached, multiple collisions inside the cloud are possible, triggering a substantial increase in
droplet and aerosol size and the eventual loss of the affected particles to the surface as precipitation. Accord-
ingly, we cannot define a maximum aerosol size bounding the virga rage, but only an associated maximum
droplet size.

The virga range is essential to the creation of a reservoir of larger aerosol particles in the atmosphere, and prevents
their immediate loss to the surface via precipitation by the evaporation of cloud droplets below the cloud. Thus,
the virga range weakens the clear relation between aerosol and cloud droplet mass caused by collision-coalescence
processing that was highlighted in more idealized studies in the past (e.g., Feingold et al., 1996; Flossmann
et al., 1985). Nonetheless, we find that a tight relation between aerosol and cloud droplet mass still holds for the
strongly precipitating part of the aerosol size distribution, suggesting that more strongly precipitating clouds than
those analyzed here might not exhibit a virga range. On the other hand, a low cloud fraction, typical of shallow
cumulus clouds or open-cell stratocumulus, might extend the virga range by increasing the probability for drop-
let evaporation, and the formation of a stable population of giant aerosol particles, which have been frequently
observed below trade-wind cumuli (e.g., Gerber et al., 2008).

We note that our study focuses on the processing of aerosol via cloud droplet collision-coalescence only, and is
thus rather idealized in that regard. Future studies need to include the full aerosol processing through aqueous
chemistry (e.g., Hegg & Hobbs, 1979), as well as the (rather weak) Brownian capture of unactivated aerosol
particles by rain drops (e.g., Svenningsson et al., 1997). The LCM approach applied here might be the right tool
for this inquiry.

Data Availability Statement

The System for Atmospheric Modeling (SAM) code is graciously provided by Marat Khairoutdinov, and avail-
able under the link http://rossby.msrc.sunysb.edu/SAM.html. Simulation results are available under the link
https://doi.org/10.5281/zenodo.7734008.
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